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PHENOMENOLOGY OF TSUNAMIS:
STATISTICAL PROPERTIES FROM

GENERATION TO RUNUP

ERIC L. GEIST 1

ABSTRACT

Observations related to tsunami generation, propagation, and runup are reviewed and described in a
phenomenological framework. In the three coastal regimes considered (near-field broadside, near-
field oblique, and far field), the observed maximum wave amplitude is associated with different
parts of the tsunami wavefield. The maximum amplitude in the near-field broadside regime is most
often associated with the direct arrival from the source, whereas in the near-field oblique regime,
the maximum amplitude is most often associated with the propagation of edge waves. In the far
field, the maximum amplitude is most often caused by the interaction of the tsunami coda that
develops during basin-wide propagation and the nearshore response, including the excitation of
edge waves, shelf modes, and resonance. Statistical distributions that describe tsunami observations
are also reviewed, both in terms of spatial distributions, such as coseismic slip on the fault plane
and near-field runup, and temporal distributions, such as wave amplitudes in the far field. In each
case, fundamental theories of tsunami physics are heuristically used to explain the observations.
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1. INTRODUCTION

Major tsunamis are often accompanied by some aspect of unexpected behavior,
relative to a simple deterministic understanding of tsunami physics. Typically, the
unexpected behavior is related to the amplitude, runup, and timing of the largest wave
when a tsunami strikes the coast. Kanamori (1972) first classified earthquakes that
result in tsunamis with greater than expected overall severity relative to earthquake
magnitude as “tsunami earthquakes”, examining specifically the highly destructive
tsunamis emanating from the 1896 Sanriku and 1946 Aleutian earthquakes. Other
examples of tsunami earthquakes that generated unexpectedly severe and devastating
tsunamis relative to the magnitude of the generating earthquake include the 1992
Nicaragua event (Kanamori and Kikuchi, 1993) and the 1994 and 2006 Java events
(Abercrombie et al., 2001; Polet and Thio, 2003; Ammon et al., 2006). It has been
argued that a portion of the 2004 Sumatra-Andaman earthquake also had behavior similar
to tsunami earthquakes (Seno and Hirata, 2007). Not only can the overall severity be
unexpectedly large, but the runup along isolated portions of the coast can be unexpectedly
large relative to the overall runup associated with the tsunami. Such a case occurred with
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the 1993 Hokkaido tsunami having Mw = 7.6 (Mendoza and Fukuyama, 1996), in which
a maximum runup value of 31.7 m was measured at a small valley that opens to a pocket
beach (Shuto and Matsutomi, 1995), owing to local focusing of the wave by the nearshore
bathymetry. Local high runup values can also be associated with strong variability in the
source processes, as in the case for runup along the western Aceh coastline associated
with the 2004 Sumatra-Andaman earthquake (Hirata et al., 2006; Fujii and Satake, 2007).
Another type of unexpected behavior when the coastal hydrodynamic response is not
taken into account is a delay in the expected timing of the maximum runup arrival.
Crescent City, California is particularly prone to large tsunami arrivals occurring hours
after the first arrival (Dengler et al., 2009). Earlier than expected tsunami arrivals have
also been reported, as is the case for the 1983 Japan Sea tsunami (Shuto et al., 1995).

In an attempt to understand tsunamis better in terms of their observed behavior,
I examine the link between geophysical phenomena that generate tsunamis and the
ensuing tsunami waveforms from a phenomenological perspective (cf. Kanamori and
Brodsky (2004)). The focus is on providing a review of tsunami observations, from
generation through open-ocean propagation and runup. For the tsunami source, these
observations include parameters, such as heterogeneous coseismic slip on the fault
plane, that directly influence the initial conditions for tsunami propagation. I review the
historical development of stochastic slip models that encompass much of the variability
associated with the complex dynamics of fault rupture and that are constrained by the
inversion of seismograms. For tsunami observations in the near field, I examine the
relationship between source heterogeneity and spatial distribution of broadside runup and
wave characteristics at oblique propagation paths. In addition, the timing of the maximum
amplitude arrival is examined, both broadside and at oblique propagation paths from the
source (Fig. 1). In the far field, I examine the statistics of wave amplitude as recorded by
deep-ocean bottom pressure gages and coastal tide gages, that yield information on the
origin of the stochastic nature of the tsunami wavefield. In each case, the description
of tsunami event observations is heuristically guided by a review of analytic theory
for the purpose of understanding various aspects of tsunami physics, ranging from the
dynamic rupture of faults to nearshore wave behavior. Significant observations and their
underlying physics are presented in this paper as several working hypotheses.

In accordance with the phenomenological objective of this study, results from
numerical models are minimally used. The reason for this is to avoid the problem of
needing high-resolution bathymetric and topographic data to accurately simulate complex
hydrodynamics (e.g. nonlinearity, turbulence, rotational flow, etc.) in the nearshore
region. The problem is most obvious when trying to simulate an entire tide gage record
of a tsunami, where late arrivals may originate from coastline irregularities distant from
the tide gage station. Because of the difficulty in collecting high-resolution nearshore
bathymetry (especially in the surf zone) over long stretches of coastline, there are
very few cases where late tsunami arrivals can be accurately predicted using numerical
methods. Indeed, many of the late arrivals that make up the coda (i.e. the part of a tsunami
time series that follows the first arrival) of a transoceanic tsunami originate from the fine-
scale details of wave reflection from distant bathymetric features (e.g. see Koshimura
et al. (2008); Kowalik et al. (2008)). Many of the same issues surrounding resolution in
numerical ocean and coastal circulation models discussed by Greenberg et al. (2007) also
apply to tsunami propagation models.
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FIG. 1. Mapview of three different regimes for describing tsunami observations relative to
projection of inter-plate thrust earthquake (solid rectangle): near-field broadside, near-field oblique,
and far field (transoceanic).

2. GENERAL DESCRIPTION OF TSUNAMI GENERATION PHYSICS

Tsunamis are gravity waves initially induced by elevation changes in the water column
commonly caused by various submarine geologic processes. The efficiency of solid-
earth dynamic processes in transferring potential energy into the water column during
tsunami generation is dependent on the time scale of geologic movements relative to the
phase speed of long waves in the ocean. For the purpose of comparing rapid earthquake
displacements with relatively slower landslide displacements, it is useful to mention
the experimental and computational results of Hammack (1973). For the “impulsive”
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FIG. 2. Simple characterization of earthquake and landslide sources commonly used in past

tsunami studies. (a) Uniform-slip vector (
⇀

D) within a rectangular rupture area along a planar fault.
(b) Simple landslide block sliding down a constant slope with constant velocity (v).

seafloor displacement case, the leading wave profile away from the source region retains
the shape of the seafloor displacement, but is reduced in amplitude by 1/2 to account
for the bidirectional propagation in a 1D analysis. In contrast, for the “creeping” case,
defined by Hammack (1973) as having a rate of seafloor displacement much less than
the tsunami phase speed, the wave profile reflects the time history of seafloor movement
rather than the overall displacement of the seafloor. To the extent that these impulsive
and creeping cases can be equated to earthquake and landslide movements, spatial and
temporal variations, respectively, play a dominant role in the variability of the tsunami
waveform.

It is helpful to first review conventional tsunami source models used in deterministic
analyses. For both seismogenic and landslide sources, the unexpected behavior of
tsunamis is in reference to these deterministic models that do not accurately capture the
complex details of tsunami generation physics. In the case of seismogenic tsunamis, the
uniform-slip dislocation model is conventionally used, particularly in hazard assessments
(Fig. 2a). This model is advantageous in that the geometric and kinematic parameters
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scale with seismic moment m0 : m0 = µ̄D̄s6, where µ̄ is the average shear modulus
of rocks surrounding the rupture and D̄s is the average static slip. 6 is the static
rupture area (typically rectangular in shape) that is either estimated from scaling
relations (e.g. see Geller (1976); Wells and Coppersmith (1994)) or from the spatial
distribution of aftershocks following the earthquake. What is unaccounted for in simple
tsunami generation models (and what is described below in Section 2.1) is the marked
heterogeneity in the slip distribution, geometric complexities of the rupture zone, and
heterogeneity in elastic moduli of rocks deforming in response to earthquake rupture.

For landslides, the conventional source model is that of a rigid block sliding down
an inclined plane (Fig. 2b). This type of “wavemaker” description is convenient to
implement in laboratory wave tanks for the study of various wave properties and
effects on built structures. This description is also useful for benchmark comparisons of
high-order numerical simulations to the wave tank measurements. Realistic landslides,
however, are much more complex and diverse than the rigid block model. Various
continuum (rheological and mixture theory) and granular descriptions reviewed in
Section 2.2 have been used to numerically simulate landslide dynamics. Unfortunately,
there are fewer data that can be used to determine the appropriate dynamic models and
constitutive parameters for a given type of landslide compared with the amount of data
available to develop earthquake physics models, though sample case studies are discussed
in Section 3.2.

2.1. Earthquake Tsunami Generation

Tsunamigenic earthquakes typically occur at subduction zones, where two conditions
related to the inter-plate thrust separating the subducting and overriding plate conspire
to generate most of the world’s damaging tsunamis. First, thrust motion results in higher
amounts of vertical seafloor deformation in comparison to other fault mechanisms (e.g.
strike slip). In particular, the dip of most inter-plate thrust faults is near the optimal dip for
maximizing tsunami runup, according to the wave parameters used in runup laws (Geist,
1999). Second, the shallow dip of the inter-plate thrust fault greatly increases the possible
rupture width through the seismogenic zone relative to vertical faults, for example. As a
result, most of the world’s largest magnitude earthquakes occur on inter-plate thrusts.

Earthquakes occurring on other faults at subduction zones have also generated
devastating tsunamis in the near field (Satake and Tanioka, 1999). These include splay
faults off the inter-plate thrust, thrust and reverse faults in the back arc (e.g. Sea of Japan),
normal faults in the outer rise of the subducting plate caused by bending stresses (e.g.
offshore Sanriku, Japan and Kuril Islands), intra-arc dip-slip faults (e.g. Mona Passage
offshore Puerto Rico), and deeper earthquakes occurring within the subducting slab
(Tanioka et al., 1995). Several studies have indicated connectivity among these fault
types, in terms of the evolution of stress during the seismic cycle (Dmowska et al., 1988;
Taylor et al., 1998). For example, it has been observed that normal faulting earthquakes in
the outer rise can occur after large inter-plate thrust earthquakes, owing to stress-transfer
effects (Dmowska et al., 1988; Polet and Thio, 2003). In addition, geometric complexity
among these faults is often overlooked and can give rise to compound earthquake ruptures
that may be difficult to classify among the fault descriptions described above (Baba et al.,
2005).
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In the past, it was thought that the trench-normal convergence rate was an indicator
of subduction zones capable of large magnitude earthquakes (Ruff and Kanamori, 1983),
and hence, large transoceanic tsunamis. However, the occurrence of the 2004 Sumatra-
Andaman earthquake clearly indicates that large, tsunamigenic earthquakes can occur
along inter-plate thrusts that accommodate highly oblique relative plate motion with
low rates of convergence. Because the rate of trench-normal convergence along oblique
subduction zones is very low, the mean return times of large earthquakes in these zones
are large, resulting in temporal under-sampling in the historical record (McCaffrey, 1994;
Kreemer et al., 2002; Bird and Kagan, 2004; Geist et al., 2009b).

Vertical displacement of the seafloor associated with earthquakes is directly related
to slip dynamics along the fault plane, starting from a rupture initiation point (i.e.
the hypocenter) and expanding over a finite area of the fault until rupture is arrested.
Earthquake rupture propagation is described by the constitutive relationship that relates
shear stress (τ ) to slip rate (Ḋ). The evolution of slip is governed by a friction law that is
dependent on the effective normal stress (σe), that includes pore pressure effects, and a
state variable (θ), commonly known as the rate- and state-friction law (Dieterich, 1979;
Rice, 1983; Ruina, 1983):

τ = σe

[
µ0 + A ln

(
Ḋ

D∗

)
+ B ln

(
θ

θ∗

)]
, (1)

where µ0 is the nominal coefficient of friction and A and B are additional constitutive
parameters. Earthquake rupture occurs when friction is weakening with respect to slip
rate, such that B > A. This defines a regime of unstable sliding, in contrast to stable,
aseismic sliding. The state variable represents the time evolution of stationary contacts
(Dieterich, 2007) according to

dθ
dt
= 1−

θ Ḋ

dc
(2)

(Beeler et al., 1994), where dc is the critical slip-weakening distance (of µm scale) (see
also Linker and Dieterich (1992)). The physics describing earthquake rupture therefore
span many orders of magnitude in space (10−6 m for rupture nucleation to 109 m for the
largest rupture length) as well as time (10−3 s for the breakdown leading to fault slip to
1010 s for the interseismic period).

The frictional stability conditions associated with the initiation of tsunami earthquakes
at shallow depth are difficult to reconcile with the conventional understanding described
above. A subset of tsunami earthquakes termed “slow tsunami earthquakes” by Polet and
Kanamori (2000) nucleate at shallow depths along the inter-plate thrust (or subsidiary
faults) and rupture up-dip to the oceanic trench. “Slow” refers to the rupture velocity
and is a function of the shear modulus, which decreases substantially with depth in
subduction zones (Bilek and Lay, 1999, 2000). (Other tsunami earthquakes may be
attributable to the effect that triggered submarine mass movements have on the total
tsunami wavefield (Kanamori and Kikuchi, 1993).) The outstanding issue associated
with slow tsunami earthquakes is how very shallow rupture can occur where velocity
strengthening frictional conditions (B < A, Eq. (1)) should exist. Tanioka et al. (1997)
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and Bilek and Lay (2002) suggest that the occurrence of slow tsunami earthquakes is
related to the rough topography of the downgoing plate, which may provide nucleation
points for tsunami earthquakes. Seno (2002) also suggests that the conditions necessary
for slow tsunami earthquakes to occur may be a transient phenomena related to the
evolution of fluid pressure in or around the fault zone (cf. Taylor (1998)).

There has been a concerted effort over the past decade or so to simulate earthquake
slip dynamics according to the rate- and state-friction law, although most of the work
to date has focused on continental fault zones rather than inter-plate thrusts. Most of the
results reveal a rich complexity in earthquake slip dynamics depending on the constitutive
parameters, discretization, pre-stress distribution and fault geometry. For example,
Dieterich (1995) demonstrates that for increasing values of A, slip complexity increases
with multiple subevents of high slip separated by zones of little to no slip. Among
earthquake mechanics models, self-healing rupture pulses are frequently distinguished
from a crack-like mode of rupture (Ben-Zion and Rice, 1997; Zheng and Rice, 1998;
Nielsen and Carlson, 2000). For more details regarding earthquake friction laws, fault
rheology, earthquake dynamics, and fault slip, the reader is referred to topical reviews by
Scholz (1998), Dieterich (2007), Rice and Cocco (2007), and Fukuyama (2009).

Elastic deformation of the rocks surrounding the fault occurs in response to the rupture
process. The dynamic displacements at the Earth’s surface are described by elastic wave
theory (e.g. see Aki and Richards (1980)). Because shear stress vanishes at the solid-
fluid interface, it is the vertical component of dynamic displacements at the seafloor
that is transmitted through the water column. These displacements primarily occur as
oceanic Rayleigh waves that propagate along the Earth’s surface. Whereas the restoring
force of tsunamis is gravity, the restoring force for Rayleigh waves is elasticity (Okal,
1988; Dahlen and Tromp, 1998; Novikova et al., 2002). Ohmachi et al. (2001) have
simulated oceanic Rayleigh waves and tsunamis using a coupled model of dynamic
displacements and showed that the maximum water heights are significantly greater
above the source region, but approximately the same in the far field, in comparison to
static displacements. Because oceanic Rayleigh waves are coupled with the overlying
water column of the ocean, they propagate at phase and group speeds for elastic Rayleigh
waves in the solid earth. Furthermore, because the solid earth and ocean are coupled
during Rayleigh wave propagation, no runup occurs for these waves. In contrast, tsunamis
are “free” (i.e. mostly uncoupled) gravity waves in the water column that propagate at
phase and group speeds according to the long-wave hydrodynamic theory. Directly above
the source region, however, wave heights may be significantly augmented by dynamic
displacements.

Thus, tsunami generation relates more to the “static” displacement of the seafloor
in response to earthquake rupture in contrast to seismic ground motion that depends
on the time evolution of rupture. Static in this sense means final displacement in a
reference frame prior to rupture nucleation. This can be also interpreted as “permanent”
deformation (as in the formation of fault scarps, for example) on the time scale of
tsunami propagation (but not necessarily on the time scale of the earthquake cycle).
In seismology, the static displacement field can be derived from standard formulas for
dynamic displacements with t →∞ (pg. 84, Aki and Richards (1980)).

Static elastic displacement at a point on the seafloor r(x, y) is the result of elastic
deformation in response to coseismic slip D(ξ, y) integrated across the entire fault plane
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FIG. 3. Schematic perspective view of the tsunami problem. Slip on fault plane D(ξ, y)
results in coseismic displacement at a point on the seafloor um(r). This in turn results in an
initial disturbance at the sea surface that propagates to the shoreline as the tsunami observed at
point s.

(Fig. 3). The three components of displacement (m = 1, 2, 3) at r can therefore be
expressed as a function of slip at a point on the fault r0 (Rybicki, 1986)

um(r) =
∫∫

6

Di (r0)v j (r0)U
i j
m (r, ro)d6 (3)

where ν(r0) is the surface normal of a fault plane with arbitrary geometry and 6 is the
area of the fault plane. For an isotropic medium, the six Green’s functions are given
by

U i j
m = U j i

m = λδi j G
n,n
m + µ[G

i, j
m + G j,i

m ], (4)

where λ is Lamé’s first constant and δi j is the Kronecker delta. The static elastic
Green’s function has known analytic solutions only for a few simple slip distributions
and fault geometries (e.g. see Singh et al. (1994)). Because Eqs (3) and (4) are based
on the static approximation, temporal changes in slip and seafloor deformation during
rupture propagation and slip evolution are not accounted for. Often parameters such
as rupture propagation speed and rise time are used in a simple kinematic framework
as in the Haskell rupture model (Haskell, 1964), particularly for very long ruptures
such as the 2004 Sumatra-Andaman earthquake (Hirata et al., 2006; Fujii and Satake,
2007). Recently, dynamic rupture propagation models have been employed that provide
a physically consistent framework to predict the spatial and temporal heterogeneity of
slip (e.g. see Wendt et al. (2009)).
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2.2. Landslide Tsunami Generation

Generation of tsunamis by submarine landslides is a complex process that occurs
through distinct temporal phases: failure, post-failure dynamics (e.g. debris flow), and
turbulent boundary layer flow (i.e. turbidity currents). Because most tsunamigenic
landslides are triggered by earthquakes, one has to consider inertial displacements of
the uppermost compliant layer in response to strong-ground motion. Given that the
conditions are met for failure to occur, it is likely that a shear dislocation develops at
the base of the landslide and propagates in all directions to form the eventual head scarp
(up slope) and initial sliding plane (down slope) (Martel, 2004; Petley et al., 2005). Our
primary concern for tsunami generation is the dynamics of the failed mass, which is
described below. During the latter stages of mass movement failure, turbidity currents
most often form. Because this process is characterized primarily by turbulent boundary
layer flow and involves relatively smaller changes in seafloor displacement, it is usually
not influential in the tsunami generation process.

Many and diverse types of landslides have been classified according to their physics
and subaerial observational evidence. The most well known classification scheme is that
of Varnes (1978). Since then, there has been a concerted effort to develop a detailed
taxonomy of landslides, particularly of the flow type (Hungr et al., 2001). The basic
types of mass movements include slow-moving earth flows (sometimes termed landslides
or slides in a specific connotation of the terms), topples, spreads, falls, and fast-moving
flows (Locat and Lee, 2002). The concern for tsunami generation is primarily fast-moving
submarine debris avalanches and debris flows. A recent classification of debris flows
proposed by Coussot and Meunier (1996) is based on two criteria directly related to the
mechanical properties of debris flows: solid/water fraction and material type (cohesive
versus granular). This classification is seen as an important foundation for understanding
the complex dynamics of debris flows that are governed by non-Newtonian rheologies.

In understanding the physics of debris flows, two approaches have primarily been
considered: viscoplastic fluid and mixture (or granular) theory. Viscoplastic fluid models
have been used to describe submarine muddy debris flows, whereas mixture theory has
been used primarily to describe subaerial granular or two-phase flows. The latter has
recently been incorporated into a coupled model for tsunami generation (Fernández-
Nieto et al., 2008). In adapting subaerial landslide dynamic models for the submarine
environment, the main effect of having water as the ambient fluid, rather than air, is a
reduction in gravitational forcing, owing to buoyancy.

Because most tsunamigenic mass movements along continental slopes involve
predominantly fine-grained sediment, the viscoplastic fluid model for muddy debris
flows is a central model for tsunami generation. A clay content of only 10% or more is
needed for debris flows to be adequately modeled by viscoplastic rheology (Coussot and
Meunier, 1996; Coussot et al., 1998). The longitudinal momentum equation for laminar
flow is given by

ρm

(
∂ux

∂t
+ ux

∂ux

∂x
+ uz

∂ux

∂z

)
= ρm g sin θ −

∂p

∂x
+
∂τ

∂z
, (5)

where ux and uz are the velocity components in the x (down slope) and z directions
respectively, ρm is the density of the mud flow, p(x, z, t) is the pressure (assumed to be
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hydrostatic), θ is the slope angle, and τ(x, z, t) is the shear stress in the mud flow (Jiang
and Leblond, 1993; Imran et al., 2001). The continuity equation for this system is

∂ux

∂x
+
∂uz

∂z
= 0. (6)

Various nonlinear constitutive relations have been used to relate shear strain rate to
shear stress for muddy debris flows (Coussot, 1997). These include Bingham plastic,
Herschel-Bulkley, and bilinear rheologies. The Bingham plastic fluid is characterized by
a finite yield stress (τy) such that,

µγ =

{
0 if |τ | < τy
τ − τysgn (γ ) if |τ | ≥ τy,

(7)

where µ is dynamic viscosity and γ is the strain rate (γ = ∂u
∂z ). The Herschel-Bulkley

rheology is a power-law rheology (i.e. non-Newtonian):

Kγ n
=

{
0 if |τ | < τy
τ − τysgn (γ ) if |τ | ≥ τy,

(8)

where n and K are material-specific constants. When n = 1, the Herschel-Bulkley
rheology is equivalent to the Bingham plastic rheology. The bilinear rheology (Locat,
1997) involves two viscous regimes of flow described by dynamic viscosities at low and
high strain rates (µl and µh , respectively where µh < µl ):

τ =

[
τya + µh |γ | −

τyaγ0

|γ | + γ0

]
sgn (γ ) , (9)

where τya is the apparent yield stress relative to the high strain rate regime and γ0 is the
reference strain rate given by

γ0 =
τya

µl − µh
. (10)

For these nonlinear rheologies, the no-slip boundary condition along the base of the
debris flow results in two flow zones: a shear zone at the base of the flow where the
shear stress is greater than the yield stress and a plug zone above where the yield stress
is not exceeded. The boundary between the two zones is termed the yield interface. In
formulating a solution to the momentum equations, the horizontal and vertical velocities
and the horizontal velocity gradient are constrained to be continuous across the yield
interface (Jiang and Leblond, 1993).

To model granular mass movements that have a smaller proportion of fine sediment
and water, mixture theory that was developed for subaerial debris avalanches (Iverson
and Denlinger, 2001) has been adapted in a few cases for the submarine environment
(Fernández-Nieto et al., 2008). For a two-phase solid/fluid mixture in which the fluid
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velocities and accelerations differ negligibly from those of the solids, the momentum
equation is

ρm

(
∂vs

∂t
+ vs • ∇vs

)
= ρmg−∇ • (Ts + Tf) , (11)

where Ts and T f are the stress tensors for the solid and fluid phases, respectively, and
the density of the mass movement is calculated from the volume fractions (Vs and V f ) of
each phase ρm = ρs Vs + ρ f V f . The constitutive theory used is intergranular Coulomb
friction, modified by pore pressure and Newtonian viscous fluid stresses. For high enough
pore pressures, internal friction is greatly reduced and the mass behaves viscously. It has
been argued that mixture theory has limited application in the submarine environment
because pore pressure diffusion is likely to be minimal and because a finite yield strength
is needed to explain the thickness and mid-slope termination of many submarine debris
avalanches (Coussot and Meunier, 1996; Elverhøi et al., 2005). However, mixture theory
may be applicable in specific geologic environments such as carbonate and volcanic-
dominated islands, away from continental sources of clay.

2.3. Tsunami Propagation

Large-scale changes in ocean surface elevation induced by earthquakes, landslides,
and other geologic phenomena present quasi-initial conditions for tsunami propagation.
The relevant non-dimensional wave parameters are

ε =
a0

h0
, µ =

h0

`0
, δ =

1h

h0
, (12)

where a0 is the characteristic wave amplitude, h0 the characteristic water depth, `0 the
characteristic wavelength, and 1h is the change in seafloor depth. When the dispersion
parameterµ is small (� 1), the shallow-water wave equations are appropriate to describe
tsunami propagation. These equations include the continuity equation

∂(η + h)

∂t
+∇ • [v(η + h)] = 0 (13)

and the momentum equation

∂v
∂t
+ (v • ∇)v+ g∇η = 0, (14)

where h is the water depth (a function of time owing to source dynamics), η is the wave
elevation, and v is the depth-averaged horizontal vector velocity field. When dispersion
cannot be neglected, wave components are separated such that different frequencies
propagate at different speeds (i.e. frequency-dependent phase speed). For small ε, the
nonlinear convective inertia term (v • ∇) v in Eq. (14) above can be ignored, resulting
in the linear long-wave equations. Conventionally, the linear form is valid in deep water
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until the water approaches the shore (i.e. ε → 1). However, as noted by Lynett and Liu
(2002), nonlinear effects are present in the source region for landslide tsunami generation
where seafloor displacement can be of the same order as the water depth. The reader is
referred to other publications that comprehensively describe the physics of tsunami waves
(Carrier, 1971; Mei, 1989; Madsen and Schäffer, 1998; Liu, 2008; Lynett, 2008).

For earthquakes, the initial tsunami amplitudes in the source region are typically
less than those for tsunamigenic landslides. However, landslide-generated tsunamis have
much smaller source dimensions and are more affected by frequency dispersion, leading
to a greater attenuation of the initial wave amplitude in the far field. Therefore, whereas
seismogenic tsunamis can have destructive influences at far-field distances, the impact of
landslide-generated tsunamis is limited to the near field.

A particular aspect of tsunamis that is critical in analyzing the data that follow is the
coastal response of tsunamis, including the excitation of edge waves and runup. Edge
waves are a particular type of coastal wave trapped by refraction that propagate parallel
to the coastline. In combination with scattering and resonance resulting from propagation
along an irregular coastline, edge waves create a complex waveform in which the offshore
amplitude, runup, and timing of the largest wave are difficult to predict.

The theoretical understanding of edge waves is based on simple shelf and slope
geometries. Edge waves occur in distinct modes (n), with the fundamental mode (n = 0),
also known as the Stokes mode, which is the most commonly observed. For a semi-
infinite sloping beach of slope β, the dispersion relation is (Ursell, 1952; Liu et al., 1998)

ω2
n = gkn sin (2n + 1) β, (2n + 1) β < π/2. (15)

Snodgrass et al. (1962) developed the propagation characteristics of edge waves along a
flat shelf and distinguished between the discrete edge wave modes and leaky modes that
occupy a continuous spectrum. Ishii and Abe (1980) considered a more complex case of
edge waves along a stepped continental margin profile with an intervening linear slope
and compared their results (dispersion relation and amplitude of the fundamental-mode
edge wave) with those from the vertical step profile. The amplitude of edge wave modes
for a semi-infinite sloping beach is based on Laguerre polynomials of order n (Ln(x))
and is of the form (González et al., 1995)

ηn(x, y) = Aei(kn y−ωn t)e−kn x Ln(x). (16)

The cross-shore wave profiles for the first few edge modes are shown in Fig. 4. For the
more general case, the amplitude function is a solution to the confluent hypergeometric
equation (Kummer’s equation) (Ishii and Abe, 1980; Mei, 1989).

Runup describes the evolution of tsunami waves as they progress up a beach slope.
Analytically, it is a particularly difficult hydrodynamic problem to solve, owing to
nonlinearity near the runup front (Liu et al., 1991) and moving boundary conditions
(Kennedy et al., 2000; Lynett et al., 2002). Carrier and Greenspan (1958) provided
a general solution to the problem, using a hodograph coordinate transformation that
results in a linear form of the wave equation. A later study (Carrier, 1995) looked
specifically at tsunami runup of both the broadside and edge waves from a near-field
source. Analytic runup laws have been derived for specific waveforms, such as solitary
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beach (Eq. (16)).
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waves (Synolakis, 1987) and N waves (Tadepalli and Synolakis, 1994). Recently, Madsen
et al. (2008) has examined solitary wave theory in detail as it applies to tsunamis. Recent
studies have also generalized the Carrier and Greenspan transform to include arbitrary
incident waveforms (Carrier et al., 2003; Tinti and Tonini, 2005). Using runup theory
to explain field observations is complicated by variable offshore topographies (Kanoglu
and Synolakis, 1998). Specific methods have also been developed to handle turbulence
that may be highly significant for large tsunamis (most notable observed for the 2004
Indian Ocean tsunami), both in the form of bottom boundary layer flow (parameterized
by bottom friction) and for cases where the tsunami breaks offshore and develops into a
bore (Yeh, 1991; Chen et al., 2000; Kennedy et al., 2000; Lynett et al., 2002). A recent
review of tsunami runup and inundation is given by Yeh (2008) and Lynett (2008).

3. NEAR-FIELD REGIMES: BROADSIDE AND OBLIQUE

In this section, I examine the phenomenology of tsunami events in the near field.
First, source observations that directly relate to tsunami generation are reviewed. The
focus here will be on the spatial distribution of coseismic slip along the fault plane for
seismogenic tsunamis, deduced from inversions of seismic, geodetic, and tsunami data
that have a primary effect at near-field distances. I then examine how source variations
affect the near-field tsunami, both in coastal regimes broadside from and oblique to
the rupture zone. In this respect, the approach can be considered as a stochastic initial
boundary value problem as defined by Leblond and Mysak (1978) in which the spatial
distribution of the wave forcing function is random, as are the propagation characteristics
along the coast. In the broadside regime, I examine how spatial distributions in runup
are causally related to spatial distributions of slip on the fault. In the near-field oblique
regime, I examine the importance that edge wave propagation has in explaining tsunami
observations.

3.1. Source Observations—Earthquakes

Data used to determine kinematic rupture processes for tsunamigenic, subduction
zone earthquakes primarily include waveforms recorded by strong motion and broadband
seismic instruments. Inverse methods can be performed on this data to determine the
slip history during rupture. Seismic inversion methods include inverting body waves
(Kikuchi and Kanamori, 1991), surface waves (Ihmlé, 1996a) and wavelet methods
to simultaneously invert seismic and geodetic data (Ji et al., 2002). The inversion of
seismic data requires assumptions of fault geometry and other fixed parameters such
as crustal structure (Beresnev, 2003). The fault orientation is often available from
seismicity studies, centroid moment tensor inversion (e.g. see Tsai et al. (2005)) or
from focal mechanism determination (e.g. first motions), although for the latter, it is
difficult to constrain the dip of shallow-angle faults, such as inter-plate thrusts, owing
to the steep take-off angle of teleseismic P waves (Michael and Geller, 1984). Rupture
length and width are often estimated from the aftershock distribution. Other difficulties
arise because of the heterogeneous velocity structure associated with subduction zones
(Engdahl et al., 1982; Kisslinger, 1993). Despite these limitations, there is a great
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deal of information available from seismic inversions on the slip distribution of past
tsunamigenic earthquakes.

Geodetic measurements and tsunami waveforms provide additional data to resolve the
static slip distribution of earthquakes. The availability of high-precision GPS data greatly
increases the amount of data one can use to determine slip distribution, although earlier
leveling data is valuable for historic earthquakes as well. Care must be taken in processing
geodetic data to account for after-slip and post-seismic earth responses (Heki and Tamura,
1997; Miyazaki et al., 2004; Hashimoto et al., 2006; Pollitz et al., 2008). The direct
arrival of tsunami waveforms also provides valuable data to invert for slip distribution
(e.g. see Fujii and Satake (2007); Piatanesi and Lorito (2007)). As will be discussed
in Section 4.1, the direct unobstructed part of the tsunami waveform that is analyzed in
tsunami inversions is quite stable during propagation and not subject to random processes
that, for example, dictate maximum tsunami amplitude that can occur later in the tsunami
coda.

Seismic and geodetic inversions resolve slip best toward shore, where the observation
stations are located, whereas tsunami inversions resolve slip best in deeper water
(i.e. at shallow depths below the seafloor for inter-plate thrust earthquakes) (Sagiya
and Thatcher, 1999). Therefore joint inversions of the aforementioned data sets are
particularly useful to fully resolve slip throughout the rupture zone of large earthquakes
(e.g. see Johnson et al. (1996); Thio et al. (2004); Ichinose et al. (2007); Rhie et al.
(2007)). However, to avoid any apparent circular reasoning in this paper involving slip
that could be determined from the tsunami data I am describing, I focus primarily on slip
distributions determined from seismic waveform inversions.

Observed slip distributions are spatially complex and are considered self-affine, to the
extent provided by the resolution of the inverted data. This characteristic of coseismic
slip is a result of rupture dynamics, either through fractal pre-stress conditions, or from
fault roughness (cf. Andrews (1980); Power and Tullis (1991); Oglesby and Day (2002)).
Several different statistical models have been developed to describe these observations.
The slip distribution model initially developed by Andrews (1980) and further discussed
by Herrero and Bernard (1994) is characterized by a power-law decay in the wavenumber
spectrum beyond a corner wavenumber kc:

D(k) = C
1σ

µ

L

k2 k > kc (17)

where 1σ is the mean stress drop, µ the shear modulus, L the rupture dimension and
C a constant. It has been shown that the wavenumber decay exponent can be linked
to the spectral decay of far-field seismic displacement amplitudes in the frequency
domain (Hanks, 1979; Frankel, 1991; Hisada, 2000, 2001). Therefore there are two
different types of observations that can be used to constrain the stochastic slip model:
seismic displacement spectrum and seismic inversions. For the former, there have
been several studies that define the spectrum of inter-plate thrust earthquakes (e.g. see
Hartzell and Heaton (1985)). Interestingly, given the unique behavior of slow tsunami
earthquakes in many other respects, Polet and Kanamori (2000) find similar spectral
decay exponents as for typical inter-plate thrust earthquakes that rupture at deeper focal
depths.
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Seismic inversion results have been used to determine spectral decay of slip for
the more general case of D(k) ∝ 1/kν+1 for a 2D fault, where ν controls the long-
range correlation or “roughness” of the slip distribution. Tsai (1997a) estimated optimal
values of ν for six different onshore earthquakes (most of them with two different
published inversion solutions using different methodologies). Mai and Beroza (2002)
refined the statistical estimation by considering slip distribution from the standpoint of
several different spectral decay laws, including the fractal model (Eq. (20)), Gaussian,
exponential, and von Kármán autocorrelation functions. They found that the von Kármán
autocorrelation function provides the best fit, though slip distributions are also well
described by the fractal distribution. The von Kármán autocorrelation function used by
Mai and Beroza (2002) includes different correlation lengths in the strike and the dip
direction (ax and az , respectively), such that

D(k) ∝
ax az(

1+ k2
)ν+1 . (18)

(The autocorrelation function is related to the power spectrum via the Fourier transform
according to the Wiener-Khintchine theorem, e.g. see Andrews (1980).) In comparing
the slip distribution models to seismic inversion results, Mai and Beroza (2002) found a
scale-invariant value for the spectral decay exponent that is greater than 2.

Lavallée et al. (2006) considered the possibility that slip fluctuates more than the
standard stochastic model described above. The stochastic slip distribution model is fully
defined by the wavenumber spectrum (D(k) above) and a random function R(x), such
that

D(x) = D0 F−1 [Rs(k)D(k)] , (19)

where F−1 [•] is the inverse Fourier transform, Rs(k) is the Fourier transform of R(x)
and D0 is a constant (Liu-Zeng et al., 2005). Typically, R(x) is specified by a Gaussian
distribution with zero mean. As indicated by Lavallée et al. (2006), D(k) specifies the
long-range correlation of the slip function whereas R(x) specifies its variability.

Lavallée and Archuleta (2003) first noted the variability of slip associated with
the 1979 Imperial Valley earthquake from inversion of near-field strong motion data
(Archuleta, 1984) and indicated that a distribution family more general than the Gaussian
should be considered to encompass this high variability. The Lévy α-stable distribution
is considered in which the characteristic function for the probability distribution is given
by (Samorodnitsky and Taqqu, 1994)

j (k) =


exp

{
ikµ− cα |k|α

[
1− iβsgn(k) tan

πα

2

]}
if α 6= 1

exp
{

ikµ− c |k|
[

1− iβ
2
π

sgn(k) ln |k|
]}

if α = 1
, (20)

where α is a stability parameter (0 < α ≤ 2), µ a shift parameter (real number),
β a skewness parameter (−1 ≤ β ≤ 1), and c a scale parameter (c ≥ 0). For
α = 2, this becomes the characteristic function for the Gaussian distribution with mean
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FIG. 5. Example of stochastic slip distributions using three different distributions for R(x): (a)
Gaussian; (b) Cauchy; (c) Lévy. The power spectrum D(k) is the same in each case.
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FIG. 6. Schematic and coordinate system for calculating elastic displacement from an edge
dislocation on an inclined fault.

µ and variance 2c2. Examples of distributions with heavier density tails include the
Cauchy distribution (α = 1 and β = 0) and the Lévy distribution (α = 1/2 and
β = 1). Figure 5 compares different slip distributions using the same wavenumber
spectrum but different distributions for R(x) (Gaussian, Cauchy, and Lévy). The heavy-
tail distributions (Fig. 5b, c) produce more extreme values of slip, relative to the average
slip within the rupture zone. Lavellée et al. (2006) estimated distribution parameters
(α,µ, β, and c) and the wavenumber decay exponent (ν + 1) for several earthquakes,
including the predominantly dip-slip 1994 Northridge event. Most earthquakes analyzed
have α-values less than 2, and therefore have heavy tails.

Although there are very few direct observations of static displacement of the seafloor,
displacement can be computed from the dislocation theory if a statistical description
of coseismic slip is known, such as that described above. The general form of the
coseismic displacement equation (Eqs (3) and (4)) is applied for cases that result in
tsunami generation. For tsunami applications, the focus is on the vertical component of
displacement, although horizontal displacement can be calculated in a similar fashion.
In addition, inclined dip-slip faults such as the inter-plate thrust of subduction zones
are of primary interest. Surface displacement for an edge dislocation on an inclined
fault with Burger’s vector b as shown in Fig. 6 has been derived by several authors
(e.g. see Dmowska and Kostrov (1973); Freund and Barnett (1976); Rudnicki and Wu
(1995)). Freund and Barnett’s (1976) expression using the geometric parameters shown in
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Fig. 6 is

uz(x, s) = bUz(x, s), (21)

where

Uz(x, s) =
xs sin2 x

π(x2 + s2 − 2xs cosα)
+

sinα
π

tan−1
(

x − s cosα
s sinα

)
. (22)

For a crack of finite width and distributed slip (i.e. dislocation density), expressions for
displacement at the seafloor are obtained by integrating Burger’s vector solutions (see
Dmowska and Rice (1986) for a summary). The integral form for vertical displacement
given by Freund and Barnett (1976) is

uz(x, 0) =
∫ a2

a1

Uz(x, s)D′(s)ds. (23)

Variation in vertical displacement profiles as a function of source depth is shown in
Fig. 7. These results show that for a given slip distribution, the vertical displacement
is characterized by a two-sided displacement field in the strike-normal (wave profile)
direction: uplift in the up-dip direction and subsidence in the down-dip direction.
This transformation from one-sided slip (i.e. positivity constraint) to two-sided vertical
displacement is linked to the slip gradient term D′(s) in Eq. (23) above. As the depth to
slip on the fault becomes shallower (i.e. toward the seafloor), the vertical displacement
profile becomes sharper. When slip on the fault breaks through to the seafloor, a scarp
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is formed (that is correspondingly attenuated in the water column). The conditions for
which this would occur are discussed by Rudnicki and Wu (1995). In general though,
the static elastic Green’s function in essence acts as a low-pass spatial filter of the slip
distribution in calculating seafloor displacements (cf. Figure 11 in Geist and Dmowska
(1999)). Green’s function also effectively transforms the one-sided slip functions to a
two-sided displacement profile in the dip direction (uplift and subsidence).

Within the water column, the tsunami Green’s function derived by Kajiura (1963)
relates seafloor displacement to ocean surface elevation. In effect, short wavelengths
of the seafloor displacement field are filtered through the water column by a factor of
1/ cosh (kh). For most earthquakes, this does not result in a significant attenuation from
seafloor displacement to generation of the initial tsunami wavefield. However, fault scarps
and anomalously short-wavelength components of the displacement field will be filtered
out in deep water during tsunami generation. 3D simulations of tsunami generation by
Saito and Furumura (2009b,c) indicate that horizontal deformation wavelengths of the
seafloor must be at least 10 times the water depth for the surface height to mimic vertical
seafloor displacement (within approximately 10%).

For inter-plate thrust earthquakes, it is important to recognize the strong structural
heterogeneity in rock types and elastic properties. Sediment that is accumulated on
the downgoing plate is accreted onto and underplated beneath the overriding plate.
Typically the inter-plate thrust of a subduction separates high modulus igneous rocks
below from low modulus sedimentary rocks above, though the fault may not be exactly
co-located with the contact between rock types. Ma and Kusznir (1994) and Savage
(1998) investigated the effect that horizontal elastic layering has on surface displacements
through the derivation of analytic solutions to the governing equations. For more
complex cases, finite-element models have also been widely used to account for elastic
heterogeneity in the calculation of surface displacement fields (e.g. see Yoshioka et al.
(1989); Cattin et al. (1999); Masterlark et al. (2001); Masterlark (2003); Zhao et al.
(2004); Sato et al. (2007)). For example, the effect of elastic heterogeneity has been
investigated for potential tsunamigenic earthquakes (Mw = 6.5) on the Seattle fault
(Fig. 8a, b), which trends up-dip from high rigidity basement rocks into low rigidity
sedimentary rocks of the Seattle basin (Geist and Yoshioka, 2004). Figure 8c shows a
comparison of the vertical displacement field using an elastic half-space and using elastic
constants specific to basement and sedimentary basin rocks.

There are very few measurements of seafloor deformation arising from earthquake
rupture for testing the aforementioned models. One exceptional record, however, is
the measurement of vertical displacement by a bottom pressure recorder that is part
of a cabled deep-sea observatory (Hirata et al., 2002) during the 2003 Tokachi-Oki
earthquake (Baba et al., 2006b; Mikada et al., 2006; Nosov and Kolesov, 2007). Rapid
vertical displacement of the seafloor excited low-frequency elastic oscillations in the
water column that dominated the pressure observations (Nosov and Kolesov, 2007).
Measured coseismic displacement, after filtering out the water-column oscillations, was
consistent with the elastic displacement models of the event (Mikada et al., 2006), using
a slip distribution inverted from the observed seismograms of the earthquake (Yamanaka
and Kikuchi, 2003; Yagi, 2004). Other than this notable example, observations of both
coseismic slip (from seismic inversions) and vertical displacement at the Earth’s surface
for a single event are only available for onshore earthquakes and not for submarine events.
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FIG. 8. (a) Mapview of Puget Sound with projection of deep (bold rectangle) and shallow
(dashed rectangle) segments of the Seattle fault. (b) Cross section showing the structure of Seattle
sedimentary basin. Slip on the Seattle fault extends from basement rocks up-dip into the Seattle
basin. (c) Comparison of vertical displacement fields from a homogeneous elastic structure (half-
space) and elastic heterogeneity arising from the structure of the Seattle basin (Geist and Yoshioka,
2004). Difference between the two displacement fields shown at the bottom.
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The lack of seafloor displacement measurements precludes a direct determination
of whether rupture can occur along splay faults that are synthetic to the inter-plate
thrust. The possibility of splay fault rupture has been proposed to explain a greater
than expected near-field tsunami for a given amount of slip (e.g. see Fukao (1979);
Cummins and Kaneda (2000)). Splay faults in the hanging wall of inter-plate thrusts have
been imaged by seismic-reflection profiles for specific subduction zones, typically in the
accretionary wedge (e.g. see Park et al. (2002); Moore et al. (2007); Sibuet et al. (2007)).
Because seismic waveforms cannot routinely detect branching rupture paths for inter-
plate thrust earthquakes, most of our knowledge as to whether splay fault rupture can
occur comes from an understanding of fault mechanics. Several recent studies indicate
that splay fault rupture can only occur under specific pre-stress conditions and branch
angles (Poliakov et al., 2002; Kame et al., 2003; Bhat et al., 2007; Templeton et al.,
2009). In addition, barriers to inter-plate rupture in the strike direction may create the
necessary conditions for rupture to jump to a splay fault segment (Wendt et al., 2009).
Our primary observational evidence of splay fault rupture is from the inversion of near-
field tsunami waveforms (Baba et al., 2006a).

3.2. Source Observations—Landslides

Unfortunately, there is no routine instrumental monitoring of submarine landslides
analogous to seismograms such that one could directly infer the dynamics and kinematics
of landslide movement. There have been some studies of seismic waves generated by
energetic landslides (both submarine and subaerial) that are worth noting. Landslides
can be distinguished from earthquakes on seismograms by a depletion of high-frequency
energy (e.g. see La Rocca et al. (2004)) and are represented by a horizontal point force at
the surface (Dahlen, 1993), rather than a double-couple system of forces used to represent
an earthquake mechanism. Recently, an unusual seismic recording of an event in the Gulf
of Mexico may be ascribed to a submarine landslide according to these characteristics
(Nettles, 2007). Furthermore, Brodsky et al. (2003) demonstrated that the basal friction
of landslides can be estimated from a given source-time function (Kanamori et al., 1984),
concluding that basal friction does not appear to significantly vary for the three subaerial
volcanogenic landslides they analyzed.

To some extent, tide gage records can be used to constrain the location and constitutive
parameters of the landslide (as described in Section 2.2), although there are very few
confirmed instrumental recordings of landslide tsunamis. One example is the 1929
Grand Banks tsunami that possibly had a landslide-generation component. The triggering
earthquake and geomorphology of the submarine failure have been described in several
studies (e.g. see Hughes Clarke (1990); Bent (1995); Piper et al. (1999)). From these
descriptions and using simplified assumptions of uniform thickness and Newtonian
viscosity, Fine et al. (2005) were able to show that the tsunami resulting from the
landslide is consistent with travel-time observations for the initial wave and the amplitude
as recorded at the Halifax, Nova Scotia tide gage station (see also Trifunac et al. (2002)).
Another example is the landslide in Monterey Canyon triggered by the onshore 1989
Loma Prieta earthquake that generated a tsunami recorded by the nearby Monterey
tide gage station (Ma et al., 1991). The timing of the direct arrival and the waveform
characteristics as observed on the tide gage record are used to determine the approximate
location of the landslide (near the canyon head) and a low yield stress using the bilinear
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constitutive relation (Eqs (9) and (10)), respectively (Geist et al., 2009a). Both the 1929
Grand Banks and 1989 Monterey Canyon debris flows were accompanied by vigorous
turbidity currents in their aftermath.

3.3. Tsunami Observations—Near-field Broadside Regime

I turn now to the effect that spatially heterogeneous slip and displacement of the
seafloor that was discussed in Section 3.1 has on near-field tsunami runup. In this section,
earthquakes are primarily examined, based on the availability of instrumental source
data and associated statistical models. It should be noted, at minimum, that seismically
triggered submarine landslides can cause anomalous fluctuations in near-field runup,
beyond what is expected from earthquake sources, although it has been exceedingly
difficult in the past to make a direct connection from a landslide observed in seafloor
mapping to a measurable tsunami. In the examples presented below, it is unlikely that
there were landslide components to the tsunami.

In the near-field broadside regime, the focus will be on tsunami arrivals using
tide gage measurements and tsunami severity related to runup measurements. Tide
gage measurements are routine and temporally resolved, whereas runup measurements
taken during post-tsunami field surveys are indicative of only the maximum flow
depth or runup throughout the inundation of multiple waves arrivals (Farreras, 2000).
Runup measurements consist of a variety of water-level measurements made within the
inundation zone, including flow depths relative to the local topographic elevation and
runup at the point of maximum inundation relative to sea level at the time of the tsunami.
Vertical measurements are made from flow indicators or marks left by the tsunami (e.g.
vegetation discoloration from salt water and bark stripped from trees). Measurements
are made relative to a horizontal datum and must be corrected for the tidal height at
the time of the tsunami (Baptista et al., 1993). There is inherent uncertainty in these
measurements, owing to misidentification of water marks and tsunami catalogs that do
not distinguish runup from flow depths (Borrero, 2001).

The near-field tsunami runup problem is divided into two coastal regimes: broadside
runup (i.e. directly across from the rupture zone at strike-normal azimuths) and oblique
runup (Fig. 1). This is a logical division inspired by the theoretical work on near-field
wave characteristics by Carrier (1995). In that study, he provided an elegant solution to
the broadside and oblique runup problem that is expanded from the canonical hodograph
transformation of Carrier and Greenspan (1958).

Several working hypotheses are presented below for the near-field broadside regime
and throughout the rest of this study for the other two regimes based on both observed
tsunami records and our current understanding of tsunami physics.

HYPOTHESIS 1. For reasonably regular coasts, maximum offshore tsunami amplitude is
most often associated with the first arrival, a non-trapped phase.

This hypothesis is surprisingly difficult to test for several reasons: (1) many near-field
tide gage stations become inoperable during significant tsunamis, (2) the definition of the
near-field broadside regime is dependent on the length of rupture and spatially restricts
which tide gage stations can be used for a test, and (3) there is a difficulty in defining what
broadside is for very irregular coasts. An example is shown in Fig. 9a where the Corinto



PHENOMENOLOGY OF TSUNAMIS 129

–0.5

–0.4

–0.3

–0.2

–0.1

0.0

0.1

0.2

0.3

0.4

0.5

0 120 240 360 480 600 720

t (min.)

–1.0

–0.5

0.0

0.5

1.0

0 120 240 360 480 600 720 840 960
t (min.)

(a)

(b)

am
p.

 (
m

)
am

p.
 (

m
)

FIG. 9. Examples of near-field and regional tide gage records that are broadside from the rupture
zone: (a) Corinto (Nicaragua) record of the 1992 Nicaragua tsunami; (b) Gan (Maldives) record of
the 2004 Indian Ocean tsunami.

tide gage station recorded the tsunami from the 1992 Nicaragua tsunami earthquake
(Baptista et al., 1993). (The nearby Puerto Sandino tide gage station became inoperable
during this tsunami.) The Corinto station clearly shows that the maximum amplitude is
associated with the first or direct arrival.

In addition, a few regional tide gage recordings are available for the 2004 Indian Ocean
tsunami (Rabinovich and Thomson, 2007) that are in line with the primary beaming
pattern from the source region (Geist et al., 2007) and hence could be considered as
broadside recordings. For example, the Gan tide gage record from the Maldives shown
in Fig. 9b also shows that the maximum amplitude is associated with the first arrival. In
general, many island stations have a much less resonant response than continental stations
(Watanabe, 1972).



130 GEIST

Many Japanese tide gage stations recorded the tsunami from the 2003 Tokachi-Oki
earthquake (Hirata et al., 2004), showing the transition of behavior from the near-field
broadside to near-field oblique regimes (Fig. 10). The broadside stations include Shoya
(which became inoperable) and Tokachikou (which went off scale, interpolated by a
dashed line). The Kushiro, Akkeshi, and Krittapu stations are near the source region,
but away from the main region of uplift located near the epicenter (star). From the
available data, it does appear that the maximum amplitude is associated with the first
arrival. While this hypothesis works well for simple coasts, it may not hold for highly
irregular coastlines where the maximum amplitude is associated with a later phase (not
the direct arrival), as evident from broadside tide gage records from the 1964 Gulf of
Alaska tsunami (Lander, 1996).

Analytic studies of runup dynamics provide an understanding of how the offshore
waveform relates to runup at the point of maximum inundation. Carrier (1995) uses a
Gaussian initial tsunami waveform to show the evolution of tsunami runup with time.
Broadside from the source region, the wave history predicted by analytic theory is
characterized by a solitary runup/drawdown phase associated with the first arrival of the
wave. The exact wave history (i.e. wavelength and amplitude) depends on how far the
source region is from shore. Carrier et al. (2003) expands the broadside analysis for other
waveforms that correspond more to vertical displacement fields associated with elastic
dislocations from earthquakes as well as landslide movements. Results from these studies
are consistent with Hypothesis 1, although they inherently assume a wave profile that is
homogeneous along strike. Therefore, results from actual earthquakes may be restricted
to regions broadside from high slip patches on the fault (e.g. see Fig. 10).

HYPOTHESIS 2. Strike-parallel distribution of maximum amplitude and runup is
significantly affected by fault slip heterogeneity.

In this case, a causal link is proposed between slip heterogeneity and variations
in runup distribution (cf. Geist (2002)). As with Hypothesis 1, testing is difficult in
regions with irregular shorelines or events along island arcs, for example, which results
in scattering and excitation of trapped modes. Again, the 1992 Nicaragua tsunami
earthquake provides a good case study, in that there are two distinct slip patches separated
by a significant distance, and the coastline and offshore bathymetry are relatively uniform
(Fig. 11). The moment distribution is determined from the inversion of seismic surface
waves by Ihmlé (1996a,b). The slip distribution is directly related to the moment
distribution, assuming a depth-dependent shear modulus (Geist and Bilek, 2001). The
runup distribution shown in Fig. 11 is from two separate post-tsunami field surveys (Abe
et al., 1993; Baptista et al., 1993). Regions of high runup are directly correlated in a
strike-parallel sense with regions of high slip. However, there is significant runup in the
intervening regions (broadside from regions of very low slip) caused by the constructive
interference of spreading waves from the two regions of high slip (Geist and Dmowska,
1999).

The 1952 and 2003 Tokachi-Oki tsunamis provide another test for Hypothesis 2. In
this case, the moment magnitude (Mw = 8.1 and Mw = 8.0, respectively) and epicenter
for the two earthquakes are very similar (Fig. 12). Therefore, difference in the runup
distribution can be ascribed primarily to difference in the slip distribution between the
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two events. For each case, there are spatially dense runup measurements taken from post-
tsunami surveys (Tanioka et al., 2004). The slip distribution for the 1952 earthquake
occurred in two regions away from the epicenter: one small region near the Hokkaido
coast and another larger region beneath deep water broadside from the NE Hokkaido
coast (Hirata et al., 2003). The slip distribution for the 2003 earthquake occurred near
the epicenter, toward Cape Erimo and primarily beneath shallow water (Yamanaka and
Kikuchi, 2003). As with the 1992 Nicaragua tsunami, regions of high runup are correlated
along shore with regions of high slip along strike (Fig. 12).

More quantitative descriptions of runup observations are provided by statistical
models. Existing statistical models for the spatial distribution of runup (R) are based on
the log-normal distribution. In particular, Choi et al. (2002) examined measured runup
values in the near-field (not distinguishing between broadside and oblique regimes) for
11 tsunamis in the Pacific from 1992 and 1998 and found that all of the events, except for
one, can be fit by a log-normal distribution with a density distribution

f (R) =
1

Rσ
√

2π
e−

(ln(R)−µ)2

2σ2 , (24)

where µ and σ are the mean and the standard deviation of ln (R), respectively. The
exception is the 1996 Sulawesi tsunami that is best fit by a power-law distribution. In
a follow-up study, Choi et al. (2006) examined the runup distributions associated with
the 2004 Indian Ocean tsunami in eight different regions and again concluded that a log-
normal distribution is the optimal statistical model.
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Although one-point statistical models, such as the log-normal model described above,
adequately fit the observed data, one would expect that there should be a characteristic
length-scale of broadside runup that is proportional to the fault rupture length (along
strike). Okal and Synolakis (2004) attempted to fit the maximum runup distribution
parallel to the near-field shoreline (y-axis) for 9 tsunamis (spanning the years 1946-2002)
with the following shape function:

R(y) =
b

[(y − c) /a]2
+ 1

, (25)

where a, b, and c are adjustable parameters. They found that the aspect ratio I2 = b/a
scales with the size of the earthquake and that I2 for runup associated with near-
field landslide tsunamis is distinctly different from that for seismogenic tsunamis. The
logical next step of developing empirical two-point statistical models of tsunami runup is
difficult, owing to the uncertainty and non-uniformity of maximum runup measurements
in the field. Alternatively, deriving statistical runup models from two-point slip models
described in Section 3.1 is equally difficult, owing to the complexity imposed by wave
propagation and the runup process itself (i.e. “site response”). An analogous connection
between statistical slip models and seismic ground motions, with its inherent seismic
propagation and site response complexities, has been investigated by many researchers
(e.g. see Tsai (1997b); Berge et al. (1998); Somerville et al. (1999); Guatteri et al.
(2004)). Presently, therefore, the optimal model for runup distribution may indeed be the
log-normal distribution discussed by Choi et al. (2002), especially when considering the
complexity of wave propagation and response in the near-field regime and the possibility
of triggered landslide tsunamis contributing to the total tsunami wavefield.

HYPOTHESIS 3. Broadside runup increases where high coseismic slip is located beneath
deep water.

Near-field broadside runup is not only dependent on the magnitude of vertical
seafloor displacement derived from slip on the fault, but also the water depth where
this displacement occurs. As a tsunami propagates from deep water to shallow water, the
amplitude increases according to Green’s law derived from ray theory or the conservation
of energy flux:

A ∝ b−1/2h−1/4, (26)

where b is the distance between rays and h is the water depth. Typically, the variation in b
is negligible so that Green’s law is reduced to A ∝ h−1/4. Although the quarter exponent
suggests a weak dependence with depth, ocean depths where tsunamis are generated
(from shelf to trench) can vary by at least two orders of magnitude, making the shoaling
amplification effect significant. In addition, the wavelength shortens and leading wave
steepness increases during shoaling, as discussed by Mei (1989). The wavelength, height
and steepness, in addition to leading polarity, are all important factors in determining
runup (e.g. see Pelinovsky and Mazova (1992); Tadepalli and Synolakis (1994); Carrier
et al. (2003); Tinti and Tonini (2005)). For a given amount of slip on the up-dip portion of
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the inter-plate thrust, the amplitude and wavenumber of the initial tsunami wave profile
will first be higher compared to the same amount of slip on a down-dip portion of the
thrust, owing to the effects of the elastic response in the solid earth (see Fig. 7). This
difference will then be accentuated during propagation toward shore through the effects
of Green’s law in the ocean.

This effect can be observed by again examining the comparison between the 1952
and 2003 Tokachi-Oki earthquakes (Fig. 12). The overall maximum runup of the 1952
earthquake is located broadside from a region of high slip beneath deep water. The region
of high slip associated with the 2003 earthquake is in shallower water and does not result
in maximum runup as large as in 1952, even though the seismic moments for the two
earthquakes are very similar.

Another illustrative example is the tsunami runup from the Mw = 9.2 2004 Sumatra-
Andaman earthquake (Fig. 13). The slip pattern during this 1200-1600 km long rupture
(Ishii et al., 2005; Meltzner et al., 2006; Subarya et al., 2006) was complex and highly
variable (cf. Ammon et al. (2005); Banerjee et al. (2007); Chlieh et al. (2007); Rhie
et al. (2007)). High slip occurred in primarily three regions (numbered from south to
north in the direction of rupture propagation; see Fig. 13). Slip was highest in region
1 and there are suggestions that slip was concentrated on the shallow portion of the
inter-plate thrust beneath deep water (Bilek, 2007; Rhie et al., 2007; Seno and Hirata,
2007). Correspondingly, tsunami runup was highest broadside from region 1 (i.e. in NW
Sumatra and Sri Lanka). High slip in region 2 is broadside from high tsunami runup
across the Andaman Sea in Thailand (e.g. Phuket). Slip in region 3 is difficult to resolve
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(Ammon et al., 2005), but is possibly correlated with the runup observed on the Andaman
Islands.

The effect of regions of high slip located in deep water has also been discussed in
comparing the tsunamis from the 2004 Sumatra-Andaman earthquake and the Mw = 8.7
March 28, 2005 Nias earthquake as described by Geist et al. (2006). The maximum runup
from the 2004 earthquake was over 30 m, whereas the maximum runup from the 2005
earthquake was approximately 4 m. Although the difference can partly be ascribed to the
overall higher seismic moment for the 2004 earthquake, the high slip region broadside
from the area of maximum runup possibly occurred in deeper water near the trench in
2004 as mentioned above, whereas high slip occurred either beneath shallow water or on
land (Nias and Sumatra Islands) in 2005 (Fig. 13).

3.4. Tsunami Observations—Near-field Oblique Regime

For the near-field oblique case (Fig. 1), observations indicate that the maximum
tsunami arrival is often related to edge waves. Two hypotheses can be formulated from
the available data and our understanding of tsunami physics.

HYPOTHESIS 4. Maximum amplitude and runup are most often derived from late
arrivals resulting from the interaction of trapped phases (i.e. edge waves).

A good case study that tests this hypothesis is the tsunami generated from the 1983
Mw = 7.7 Nihonkai-Chubu (Sea of Japan) earthquake (Abe and Ishii, 1987). Because
edge waves are scattered by longshore irregularities, it is often difficult to track the
propagation of edge wave phases in tide gage records. However, Abe and Ishii (1987)
show a smooth section of the western Honshu coastline, approximately 160 km long, in
which the arrival time of the maximum amplitude is closely aligned with the predicted
group velocity of edge waves. Another near-field oblique example that is consistent with
this hypothesis is the tsunami record at the Crescent City tide gage station following the
1992 Mw = 7.2 Cape Mendocino earthquake (González et al., 1995).

An Airy phase exists at a minimum in the group velocity for edge waves and has
been observed in Japan from the tsunami generated by the 1952 M = 9.0 Kamchatka
earthquake (Ishii and Abe, 1980; Golovachev et al., 1992). The Airy phase is particularly
pronounced owing to interference effects, as is commonly observed with Airy phases
associated with solid-earth seismic waves (Lay and Wallace, 1995). A minimum in the
group velocity for fundamental mode edge waves is predicted from the step bathymetry
model (Ishii and Abe, 1980). Although there is an exponential decay associated with
scattering of edge waves, including the Airy phase, from an irregular coastline, the
e-folding distance can be particularly long for continents. For the NE Japan margin, the
e-folding distance is estimated to be over 400 km (Fuller and Mysak, 1977).

The oblique stations of the 2003 Tokachi-Oki earthquake also provide a test to this
hypothesis (Fig. 10). For most of the oblique stations such as Urakawa (station 8), the
largest wave arrives significantly later than the first arrival (Tanioka et al., 2004). Note,
however, the direct propagation path from the earthquake to Miyako (station 18, Fig. 10).
The largest wave in this case is the first arrival. As the tsunami proceeds southward down
the Honshu coastline, edge waves appear to be dominant relative to the first arrival.
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HYPOTHESIS 5. There exists a causal (but complex) relationship between fault slip
heterogeneity and near-field oblique tsunami amplitude.

Because edge waves frequently scatter and resonate during propagation in the near-
field oblique regime, it is difficult to directly trace the influence that source heterogeneity
has on edge wave characteristics. The analytic investigation of edge waves propagating
along a linear coastline with uniform slope by Fujima et al. (2000) is heuristically useful
in this regard (Fig. 14). They examine what effect the orientation of the initial tsunami
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wavefield (as specified by the long axis of an elliptical disturbance) has on edge wave
characteristics. For the case where the initial disturbance is located near the coast with
the long axis oriented parallel to the coast, the fundamental mode edge wave (n = 0,
Fig. 4) dominates (see also Liu et al. (1998)). This case is apropos for typical inter-plate
thrust earthquakes, in which the vertical displacement field spans across and is oriented
subparallel with the coastlines (e.g. see Fig. 15). Details of the displacement field which
include localized areas of uplift and subsidence appear to have a significant effect on the
types of edge waves excited, with higher-mode edge waves associated with components
of the displacement field located farther offshore (Kajiura, 1972; Fujima et al., 2000).
Kajiura (1972) also demonstrated that edge wave excitation increases with a decrease
in the along-strike length of components of the vertical displacement field. A complex
displacement field as shown in Fig. 15 is likely to generate many edge wave phases at
fundamental and higher modes.

In the second case examined by Fujima et al. (2000), the near-coast displacement is
oriented with the long axis normal to the coastline (Fig. 14). In this case, the excited
edge wave is dominated by the first-order mode (n = 1; see Fig. 4) and is much more
irregular than for the first case examined by Fujima et al. (2000). This case is apropos for
nearshore landslides. Lynett and Liu (2005) reached similar model-based conclusions
specific to landslide tsunamis. Both Fujima et al. (2000) and Lynett and Liu (2005)
noted the possibility that the maximum amplitude associated with the near-field oblique
wave can be greater than that for the near-field broadside wave. For an initial disturbance
located far offshore (e.g. as with slow tsunami earthquakes located near the trench), little
edge wave energy is excited for the ideal case of a uniform coastline (Kajiura, 1972;
Fujima et al., 2000). However, slight perturbations at the coast can also excite edge waves
(Guza and Davis, 1974; Fuller and Mysak, 1977).

4. FAR-FIELD REGIME

In this section, time-series statistics from deep-ocean and shore-based measurements
are examined in the far field. The dominant aspect of the far-field tsunami is the tsunami
coda evident in time-series records. Whereas the leading wave from the source tends
to retain its initial waveform, the maximum tsunami amplitude at the coast most often
occurs during the arrival of the coda. It is difficult to accurately model the tsunami coda,
both in the open ocean and at the coast, using numerical models. The coda observed in
the deep ocean and at the coast can be described from a phenomenological perspective,
focusing on the amplitude and timing of the largest observed wave. Tsunami bottom
pressure recorder (BPR) and tide gage data from the recent November 2006 and January
2007 Kuril Islands earthquakes are used as an example. Figure 16 shows the locations
of the earthquakes and the stations where tsunami time-series data are discussed. The
data shown in Fig. 16 also include a seismic surface wave arrival (under-sampled at a
sampling rate of 1 minute) that precedes the tsunami direct arrival and the tsunami coda.
The seismic surface wave is stronger for the January 2007 outer-rise normal faulting
earthquake compared to the November 2006 inter-plate thrust earthquake because of
differences in the seismic radiation patterns.
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4.1. Open-ocean Propagation

HYPOTHESIS 6. The deep-ocean far-field tsunami wavefield includes a well-developed
coda caused by frequency dispersion, scattering, reflected, and refracted arrivals.

During propagation, the tsunami wavefield gradually evolves, owing to the effects of
dispersion and of reflection, scattering, and focusing from changes in bathymetry. As an
example of this complexity, a snapshot of the numerically simulated tsunami wavefield
in the north Pacific from the November 2006 earthquake is shown in Fig. 16b. In this
section, I first examine the coda recorded from BPR time-series measurements both in
terms of its amplitude distribution and its spectral content. I then review possible origins
for the coda, including dispersion and scattering.

The evolution of far-field, deep-ocean waveforms has been discussed since the advent
of bottom pressure recorders, particularly with regard to the effects of dispersion (e.g.
see González and Kulikov (1993)). The recent 2006 and 2007 Kuril tsunamis are useful
case studies since there are several available observation points along unobstructed ray
paths (Fig. 16). Time series of tsunami water-level elevations (converted from pressure
measurements) at these observation points are plotted in Fig. 17. It is apparent in these
time series that the direct arrival phase is stable, while the coda of the time series is
highly variable. The direct arrival phase, in accordance with the principle of causality,
follows a least-time ray path. The coda, in contrast, is described by the combined effects
of dispersion and scattering as described below.
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FIG. 17. Time series of tsunami bottom pressure measurements from locations indicated in
Fig. 16, showing the direct arrival (DA) and the ensuing tsunami coda. Location of crest and trough
amplitudes is indicated by + symbol. (a) 15 November 2006 Kuril tsunami, station 46413. (b) 13
January 2007 Kuril tsunami, station 21413. (c) 13 January 2007 Kuril tsunami, station 21414. (d)
13 January 2007 Kuril tsunami, station 46413.

The coda is typically characterized by an exponentially decaying wave envelope.
Much of the analysis and theory of the seismic coda can be directly adapted to analyze
the tsunami coda: a review of past research related to the seismic coda is discussed in
Volume 50 of Advances in Geophysics. The envelope of tsunami amplitudes is assumed
to follow an exponential decay (Mofjeld et al., 2000a):

Ac = A0σ exp [− (t − t0) /τ ] , (27)

where A0 is a constant coefficient, σ is the initial standard deviation of Ac, and τ is
the e-folding decay constant. This expression is analogous to a frequency-independent
(cf. van Dorn (1984)) form of energy density for the seismic coda (Aki and Chouet,
1975)), where τ is analogous to the seismic attenuation factor Q. To be consistent with
the physics of the origin of the coda, I define it as commencing immediately after the
first arrival, whereas Mofjeld et al. (2000a) chose t0 = 4 hours for tsunami forecasting
objectives. To estimate the coda envelope, I compute a running root mean square of the
water-level elevation η (Nishigami, 1991; Nishigami and Matsumoto, 2008) and find the
best-fit exponential curve. Alternatively, Mofjeld et al. (2000a) provided a probabilistic
definition of the tsunami coda envelope based on a cumulative binomial distribution.

The initial statistical model of water-level elevations (η) within the coda is
that of a time-varying Gaussian distribution (Takahara and Yomogida, 1992). The
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FIG. 18. Empirical density distribution of tsunami coda waves from data plotted in Fig. 17.
Dashed line indicates the Gaussian distribution model.

stationary Gaussian distribution is also the canonical model for deep-water waves in
a fully developed random sea (e.g. see Longuet-Higgins (1952)), though Gaussian
transformations (Rychlik et al., 1997) and second-order statistical models have been
proposed that more accurately reflect real wind-generated waves in the ocean (e.g. see
Hogben (1990); Huang et al. (1990); Jha and Winterstein (2000); Prevosto et al. (2000);
Muraleedharan et al. (2007)). To determine whether tsunami coda waves conform to a
Gaussian distribution, the detided data are first corrected for the exponential envelope
decay (Eq. (27)) to simulate a stationary wave sequence, and an empirical density
function is then determined (Fig. 18). The Shapiro-Wilk test for normality (Shapiro and
Wilk, 1965; Stephens, 1974) indicates that Gaussian null hypothesis cannot be rejected
for two of the stations (Fig. 18a and c) but can be rejected at 95% confidence for the other
two stations (Fig. 18b and d).

The distribution of amplitudes corresponding to the Gaussian distribution is
a Rayleigh distribution (Rayleigh, 1880). Longuet-Higgins (1952) derived this
correspondence for the case of a narrow band of frequencies for ocean waves. Spectra
for deep-ocean tsunami waves are shown in Fig. 19, indicating the frequency band where
the tsunami energy occurs. The Rayleigh density distribution is typically given in terms
of the crest-to-trough wave height (H):

f (H) =
2H

H2
rms

exp
(
−

H2

H2
rms

)
, (28)

where Hrms is the root-mean-square wave height. For amplitudes, the distribution can be
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FIG. 19. Spectra of tsunami coda waves from data plotted in Fig. 17.

written as (Massel, 1996):

f (A) =
A

σ 2
η

exp

(
−

A2

2σ 2
η

)
, (29)

where σ 2
η is the variance of the water-level elevation time series. For a stochastic time

series, definitions of wave amplitude and wave height are not necessarily straightforward.
Amplitude can be defined as A = 1

2 H (Longuet-Higgins, 1952) or the crest (trough)
amplitude Ac(At ) can be defined as the global maximum (minimum) between successive
downcrossings (Rychlik and Leadbetter, 1997) as shown in Fig. 17. In this case, H =
Ac − At . For transient waves such as tsunamis, the crossings refer to the ambient, mean
sea level prior to the onset of the tsunami. It should be noted that multiple local maxima
and minima, defined by turning points, can exist between successive downcrossings.
Statistics of these smaller oscillations are mainly of interest for fatigue analysis in wave
engineering (Rychlik and Leadbetter, 1997). Shown in Fig. 20 is the empirical cumulative
distribution of wave height in comparison to the corresponding Rayleigh distribution.
Including the direct arrival wave height can result in a poorer fit when it is much greater
than the tsunami coda wave heights (e.g. see Fig. 20d).
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FIG. 20. Empirical cumulative distribution (solid line) of wave height (H) from data shown in
Fig. 17. Dashed line indicates the Rayleigh cumulative distribution model.

Given the statistical properties of deep-ocean tsunami coda waves described above,
it is instructive to examine analytic functions of dispersion and scattering derived by
several authors, as described below. Analytic theory shows the evolution of the leading
wave of the tsunami over large distances and the development of the dispersive coda. The
first cycle of the leading wave is generally stable, allowing source characteristics to be
inferred from the inversion of far-field measurements (e.g. see Fujii and Satake (2008)).
To develop analytic expressions of the evolving tsunami waveform, several prescribed
expressions of initial, static seafloor displacement have been considered. These are
displayed in Fig. 21 along with an example from elastic displacement theory (Eqs (3)
and (4)) and a spatially heterogeneous source.

In one dimension and for a constant water depth, the evolution of a linear dispersive
wave from a monopole initial disturbance can be derived using the stationary-phase
approximation (Jeffreys and Jeffreys, 1956; Stoker, 1957). The equation for the leading
part of the wave is derived by Wu (1981) and Mei (1989) as:

η(x, t) =
m

2ρ
(γ t)−1/3 Ai

[
x − ct

(γ t)1/3

]
, (30)

where m is the excess mass of the initial wave, c = (gh)1/2, γ = 1
2 ch2 and Ai is the Airy

function. Carrier (1971) provided a specific expression for the case of a Gaussian initial
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FIG. 21. Monopole (dashed) and dipole (dot-dash) analytic functions of vertical surface
displacement used to specify the initial conditions for tsunami propagation. Shown for comparison
is vertical displacement computed surface displacement for the 2004 Sumatra-Andaman earthquake
at the latitude of Great Nicobar Island, using Chlieh et al.’s (2007) slip model (heavy solid line).

disturbance (Fig. 22a) and Kajiura (1963) provided expressions for other prescribed
initial disturbance functions. In each case, the amplitude of the leading wave decays as a
function of t−1/3. For a dipole disturbance (Fig. 21) involving tilting of the seafloor and
zero excess mass, the corresponding wave equation is (Wu, 1981; Mei, 1989)

η(x, t) =
l2

2h
(γ t)−2/3 Ai ′

[
x − ct

(γ t)1/3

]
, (31)

where l is the dipole moment and Ai ′(z) ≡ d
dz Ai(z) (Fig. 22c). In this case, the amplitude

of the leading wave decays more rapidly as a function of t−2/3 (Fig. 22d).
For 2D propagation in constant water depth, the expressions are more complex.

Tsunami radiation is particularly sensitive to fault strike (Gica et al., 2007), with energy
primarily focused along azimuths normal to strike. Longer rupture lengths produce a
greater beaming effect along these azimuths (Ward, 1982). For a simple elliptic initial
displacement in an ocean of constant depth, Kajiura (1970) indicates that the radiation
pattern as a function of azimuth (φ) is given by

R (φ) =
[
cos2 φ + (b/a)2 sin2 φ

]−1
, (32)

where a and b are the lengths of the major and minor axes. Other studies describe a more
complex radiation pattern for continental shelf bathymetry (Kajiura, 1972) and in direct
relation to earthquake source parameters (e.g. see Ben-Menahem and Rosenman (1972);
Ward (1982); Okal (2003)). In particular, the finiteness factor of an earthquake source
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takes the form

sin X

X
, where X =

1
2

kL

(
c

vr
− cosφ

)
, (33)

which includes directivity caused by rupture propagation with speed vr (Ben-Menahem
and Rosenman, 1972; Okal, 1988). Because for tsunamis, c � vr , the latter effect
is typically small, but can be noticeable for long ruptures such as the 2004 Sumatra-
Andaman earthquake (e.g. see Geist et al. (2007)). Figure 23 shows the radiation pattern
including these effects. For elongated ruptures (Fig. 23b), note the rotation of the
radiation pattern in the direction of rupture propagation and the presence of multiple,
smaller lobes.

In place of the Airy wave function for the 1D case, the following function is defined
by Kajiura (1963) that dictates the shape of the waveform in two horizontal dimensions:

T (p) = Re
[
(1+ i)

∫
∞

0
ei
(
u2 p+u6)

du

]
, (34)

where

u6
=
(kh)3

g

(g

h

)1/2
t (35)
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FIG. 23. Tsunami radiation pattern for a kinematic model of earthquake rupture in a constant
depth ocean (Ben-Menahem and Rosenman, 1972). (a) 3:1 aspect ratio of source dimensions for
typical tsunamigenic, inter-plate thrust earthquakes; (b) 12:1 aspect ratio for an elongated rupture.

and

p =
r/h − (g/h)1/2 t[
(g/h)1/2 t/6

]1/3 . (36)

For a 2D monopole displacement, η ∼ −Tp , where Tp ≡
d

dp T (p). Mei (1989) examines
a specific case for a 2D dipole (antisymmetric) displacement where

η(r, θ, t = 0) =
A

a

(
a2
− r2

)1/2
cos(θ). (37)

Using the stationary-phase approximation, Mei (1989) derived the following expression
for the leading wave emanating from this displacement pattern:

η(r, θ, t) = cos θ
Aa3

16 (2r)1/2
Tpp

h5/2
[
(gh)1/2 t/6

]5/6 . (38)

The amplitude for the 2D dipole case decays as a function of t−4/3.
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FIG. 24. Effect of source width on far-field dispersion using the Carrier (1971) dipole source
(Fig. 22c). (a) α = 10, (b) α = 30.

To examine the effect that dispersion has on the coda, Carrier (1971) used the
following Gaussian function of width α

η(x, y, t = 0) =
1
2

e−x2/4α

(πα)1/2
. (39)

The corresponding far-field tsunami waveform near the leading part of the wavetrain is
given in the non-dimensional form as

η(x, y, t) =
1
2
(2/t)1/3 Ai

[
x − t +

(
2α2/t

)]
e
[(

8α3/3t2)
−2α(t−x)/t

]
(40)

(cf. Eq. (34) above). Carrier (1971) demonstrated that dispersion increases with a
decrease in the width parameter α, corresponding to a decrease in the down-dip width
of the rupture zone (α ∼ W cos(δ)) (Fig. 24). Moreover, Carrier (1971) approximated a
dipole wave with the function (Fig. 21)

ηdipole(x, y, t) = η(x, y, t)− η(x + b, y, t). (41)

For a narrow source, the leading far-field waveform is characterized by a trailing peak
amplitude greater than the leading peak amplitude (cf. Fig. 22).

The coda for the transoceanic tsunami wave, taken as a whole, is not only developed
from the dispersion as described above, but also the effects of reflection, particularly
for continental subduction zone sources (Abe, 2000), scattering, and wave trapping. The
foregoing analysis demonstrates that for constant water depth, the shape of the leading
wave persists in the far field. Even for irregular water depth, observations indicate that the
first cycle or so of the leading wave largely remains intact from the source region, such
that the far-field wave has not “forgotten” its initial conditions (Carrier, 1970, 1971). Both
circular (e.g. seamounts) and linear (e.g. escarpments) irregularities can cause scattering,
depending on the water depth of the scattering feature relative to the basin water depth and
the wavelength of the tsunami, thus leading to an increase in the duration of the tsunami
coda as demonstrated analytically by Mofjeld et al. (2000b, 2001) and for the 2006 Kuril
tsunami in particular by Koshimura et al. (2008) and Kowalik et al. (2008). In addition
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to scattering, wave trapping can occur along ridges and deflection along trenches, for
the appropriate incidence angle (Chao, 1971; Mei, 1989), and focusing associated with
spherically shaped irregularities may occur (Berry, 2007; Janssen et al., 2008), all of
which can influence the coda of the tsunami.

Analytic expressions of tsunami scattering have taken both deterministic and
statistical forms. A deterministic scattering index (S) is described by Mofjeld et al.
(2000b, 2001) that is based on the minimum transmissivity for a ridge-like topographic
feature:

S = 1−
2ε

1+ ε2 , where ε =
(

h1

h0

)1/2

. (42)

The advantage of this type of index is that it only depends on the depth to the top of
the ridge h1 relative to the depth of the ocean floor surrounding the ridge h0. Therefore,
a scattering index map can be developed based on the known bathymetry of an ocean
(Mofjeld et al., 2001, 2004).

A statistical approach to tsunami scattering has been recently developed by Saito and
Furumura (2009a). In this case, they treated bathymetric variations that cause scattering
as a random medium (cf. Carrier (1970); Mysak (1978)), namely, that of a von Kármán
autocorrelation function. The power spectral density of the bathymetry with radial
wavenumber k̃ is given by

P
(

k̃
)
=

4πκε2a2(
1+ a2k̃2

)κ+1 , (43)

where in this case ε is the rms value of the bathymetric variation and κ and a are the
spectral decay exponent and the correlation distance, respectively. Note that this statistical
model has also been used for the coseismic slip distribution on faults as described in
Section 3.1. The corresponding scattering coefficient (g) derived by Saito and Furumura
(2009a) as a function of azimuth about the scatterer (φ) and tsunami wavenumber
(k) is

g(φ, k) = cos2 φ
πκε2

a

(ak)3[
1+ a2k2 cos2 (φ/2)

]κ+1 . (44)

They indicate two end-member regimes for scattering, in terms of coda energy and
attenuation coefficient: ak � 1 and ak � 1. For the first, more common, case in which
the tsunami wavelength is much greater than the correlation distance, there is a symmetric
radiation pattern (i.e. both back- and forward scattering given by the cos2 φ term; see
Fig. 25a) and the attenuation coefficient is independent of the power-law exponent
measure of seafloor roughness (κ). For ak = 1, forward scattering dominates (Fig. 25b)
and the attenuation coefficient is dependent on κ . Janssen et al. (2008) discussed spatially
coherent wave interference patterns associated with forward scattering and the effect on
wave statistics.
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FIG. 25. Comparison of tsunami scattering radiation patterns derived by Saito and Furumura
(2009a) for two cases: (a) ak � 1; (b) ak = 1.

4.2. Far-field Coastal Interaction

HYPOTHESIS 7. Maximum amplitude and runup at the coast from a far-field tsunami
are derived from the complex interaction of the long tsunami coda and the excitation and
resonance of trapped edge waves and shelf modes.

After the first arrival of the tsunami onshore, the shelf and coastal response greatly
modifies the waveform characteristics from that observed in deep water. Coastal
observations of far-field tsunamis are the result of a complex interaction between the
coda developed during propagation, oblique propagation across the continental shelf,
and the excitation of edge waves caused by coastline irregularities and the subsequent
scattering and resonance. The result is a long coastal tsunami coda, with an e-folding
time much greater than that for deep-ocean observations. I compare single-station records
from tsunamis in the near-field oblique and far-field regimes and describe the observed
effects based on analytic theory described in past studies.

A comparison of near-field oblique and far-field tsunami records at the Crescent City
tide gage station yields information with which to evaluate Hypothesis 7. For this, I
compare a near-field oblique record (1992 Cape Mendocino earthquake) (González et al.,
1995) with far-field records (the 2006 Kuril and 1960 Chile earthquakes) (Fig. 26). The
far-field records (Fig. 26b, c) are generally more resonant (i.e. less irregular than the
near-field record), possibly due to prolonged edge wave excitation and resonance from
the coda arriving at the coast. For the near-field oblique case, edge waves principally
emanate from the Cape Mendocino earthquake to the south, whereas edge waves excited
by the far-field tsunami possibly emanate to both the north and the south from secondary
sources (i.e. coastline irregularities) (cf. Munk et al. (1964); Guza and Davis (1974);
Fuller and Mysak (1977)). However, local resonance of trapped waves is particularly
strong to the south of Crescent City (Horrillo et al., 2008), suggesting that the difference
between the near-field oblique and far-field records is primarily caused by the longer
open-ocean coda of the far-field tsunami.

Because of the oblique propagation path for the 1960 Chile tsunami, the record shown
in Fig. 26c may have a large component of leaky (non-trapped) shelf modes, similar to
what was observed for this tsunami in southern California (Miller et al., 1962; Snodgrass
et al., 1962). The 2005 Crescent City tide gage record of a small tsunami generated by
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FIG. 26. Tide gage records at Crescent City for tsunamis generated by (a) a near-field oblique
source, the 1992 Cape Mendocino earthquake and two far-field sources; (b) the 2006 Kuril
earthquake and (c) the 1960 Chile earthquake.
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a Mw = 7.2 strike-slip earthquake in the Gorda plate (approx. 3000 m water depth)
is also explained by a larger component of leaky shelf waves compared to edge waves
by Rabinovich et al. (2006). The strike of the 2005 Gorda plate earthquake is at a high
angle to both the strike of the Cascadia inter-plate thrust (i.e. the source fault for the 1992
Cape Mendocino earthquake) and the trend of the shelf edge, suggesting predominantly
oblique propagation. However the quadrupole tsunami radiation pattern for strike-slip
earthquakes (González et al., 1991) complicates the analysis of trapped and shelf modes
for this event.

As with the deep-ocean tsunami, a test can be performed to determine whether
the coastal tsunami coda can be described as a time-varying Gaussian distribution (cf.
Takahara and Yomogida (1992)). As before, I examine data from the 2006 Kuril Islands
tsunami for both an island station (Midway Island) and a continental station (Crescent
City) (Fig. 27). Estimation of the coda envelope indicates that the e-folding time for
Midway Island is 22 hr, consistent with the general decay law with an e-folding time of
22.0 ± 0.7 hr measured by van Dorn (1984) for 28 tsunami sources and various station
locations in the Pacific. The empirical density distribution of water-level elevations is
shown in Fig. 28. According to the Shapiro-Wilk test, the Gaussian null hypothesis
cannot be rejected for either the Crescent City or the Midway Island data. However,
the empirical wave heights at Midway Island conform to a Rayleigh distribution better
than wave heights at Crescent City (Fig. 29), suggesting that the narrow-band assumption
used in the Longuet-Higgins (1952) derivation of the Rayleigh distribution may not hold
for Crescent City.

The spectra for coastal stations (Fig. 30) show a strong site response that is also
apparent in the spectra of tide gage records in response to background (non-tsunami) long
waves (dashed lines). Rabinovich (1997) analyzed the spectra of three events along the
Hokkaido-Kuril subduction zone and determined that the local hydrodynamic response
is strongly controlled by the bathymetry near the station and is the dominant signal in the
spectra (see also van Dorn (1984)). Rabinovich (1997) also separated the source and site
response components by calculating the spectral ratios between background and tsunami
spectra and found that the dominant period of the tsunami source is consistent with the
earthquake dimensions and water depth above the source (i.e. taking into account Green’s
law discussed in Section 3.3). Rabinovich and Thomson (2007) analyzed 45 coastal
records from the 2004 Indian Ocean tsunami and found that the site response for island
stations is much less apparent than that for continental stations, owing to the absence of
trapped shelf waves (see also Watanabe (1972); van Dorn (1987)). Moreover Rabinovich
and Thomson (2007) noted that the first arrival is typically largest for broadside stations
at regional distances (cf. Fig. 9), whereas the largest arrival occurs in the tsunami coda for
all other stations, which is consistent with Hypotheses 1 and 4, respectively. They noted
that the deep-ocean tsunami coda “pumps” energy into the local site response controlled
by the nearby bathymetry, which is consistent with Hypothesis 7.

van Dorn (1984, 1987) suggested that the coastal response is related to normal-
mode forcing across the continental shelf from the open-ocean tsunami coda (with an
isotropic spectra, presumably caused by mid-ocean scattering), rather than the excitation
of resonant edge waves as suggested above. However, in a detailed analysis of the coastal
eigenmodes near Crescent City, Horrillo et al. (2008) indicated that both impedance
matching of the gravest shelf mode and transient edge wave modes (cf. Fuller and Mysak
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FIG. 27. Time series of tide gage measurements of the 15 November 2006 Kuril tsunami from
locations indicated in Fig. 16: (a) Crescent City; (b) Midway Island. Location of crest and trough
amplitudes indicated by +’s.

(1977)) contribute to the complex tide gage record. Horrillo et al. (2008) indicated that
resonance within the Crescent City harbor does not appear to be a major factor, owing
to the fact that the observed dominant periods are greater than the natural period of the



154 GEIST

0
.5

1
1.

5

D
en

si
ty

–1 –.5 0 .5 1

0
.1

.2
.3

.4

D
en

si
ty

–6 –4 –2 0 2 4

Skewness = –0.01
Kurtosis = 3.03

Skewness = –0.09
Kurtosis = 3.26

(a) (b)

ηη

FIG. 28. Empirical density distribution of tsunami coda waves from data plotted in Fig. 27: (a)
Crescent City; (b) Midway Island. Line indicates the Gaussian distribution model.
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FIG. 29. Empirical cumulative distribution (solid line) of wave height (H) from the data shown
in Fig. 27: (a) Crescent City; (b) Midway Island. Line indicates the Rayleigh distribution model.

harbor. (It should be noted that harbor resonance is an important component of the local
site response for many other tide gage locations.) Shelf resonance has also been used to
explain the persistent signal (over 2 days) in Brazil from the 2004 tsunami generated by
the Sumatra-Andaman earthquake (França and de Mesquita, 2007).

Whereas the origin of edge wave development from a near-field source at the coast can
be analyzed from theoretical studies (Kajiura, 1972; Ishii and Abe, 1980; Fujima et al.,
2000), it is less clear how edge waves are developed for far-field tsunamis. For a uniform
coast line, distant tsunami waves will specularly reflect without the excitation of edge
waves (i.e. Case 3 of Fujima et al. (2000)). For an irregular coastline, however, it has
been proposed that edge waves can be excited by different mechanisms. Guza and Davis
(1974) showed that nonlinear coupling of a triad composed of the incident wave and two
oppositely propagating edge waves can result in an exponential growth rate of edge waves
at specific frequencies. Fuller and Mysak (1977) suggested that resonant interaction of
the incident wave with the wavenumber spectrum of coastal irregularities can also excite
edge waves. As with edge waves developed in the near-field oblique regime, it is difficult
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FIG. 30. Spectra of tsunami coda waves from the data plotted in Fig. 27: (a) Crescent City; (b)
Midway Island. Background wave spectra are shown by a dashed line.

to trace the origin of individual phases observed on tide gage records, particularly when
the incident wave has a long coda.

Far-field maximum amplitudes at the coast are particularly difficult to predict because
of the interaction of the tsunami coda with the coastal response. As a notable example,
Watanabe (1972) examined the maximum far-field amplitude associated with four major
trans-Pacific tsunamis: those generated by 1952 Kamchatka, 1957 Aleutian, 1960 Chile,
and 1964 Gulf of Alaska earthquakes. Contrary to a fundamental understanding of
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attenuation during tsunami propagation (let alone the exact decay exponent provided
by Eqs (31) and (38)), Watanabe (1972) indicated that the maximum far-field amplitude
observed at coastal stations increases with the travel time to those stations for the 1952,
1960, and 1964 tsunamis. While one could argue that the scatter in the data does not
present statistically significant results, the point remains that a simple understanding of
tsunami physics in the deep ocean, such as attenuation with travel time, does not translate
to similar predictions for maximum tsunami amplitudes at the coast that are associated
with late arrivals from, for example, multiple trapped waves and are related to a site-
specific response.

5. SUMMARY AND DISCUSSION

5.1. Observations and Hypotheses

In this paper, past observations of tsunami events have been described according to
a broad understanding of tsunami physics. For tsunami generation, the focus has been
on earthquakes, owing to the frequency of occurrence of seismogenic tsunami sources
and to a lack of data on tsunami generation from other sources, such as submarine
landslides. The primary observation related to tsunami generation from earthquakes is
spatially heterogeneous coseismic slip that is determined from the inversion of seismic
waveforms. Observations relating to tsunami propagation and runup, are divided among
three coastal regimes: near-field broadside, near-field oblique, and far field (Fig. 1). This
division is based on the distinctly different tsunami physics that control the amplitude
and timing of the maximum observed wave (Carrier, 1995).

Several working hypotheses have been presented in this paper to describe the
observations, primarily relating to the amplitude (or runup) and timing of the largest
tsunami wave, which are of primary interest in developing tsunami hazard assessments
(e.g. see González et al. (in press)). In the near-field broadside regime and for a nominally
regular coast, the maximum amplitude of a tsunami is most often associated with the
direct arrival from the source. Accordingly, spatial heterogeneity of the source appears
to have a significant effect on the spatial distribution of broadside runup. Moreover,
the severity of the tsunami is dependent on the water depth overlying regions of high
slip on the fault. For high slip beneath deep water, more shoaling amplification and
higher tsunami runups result, as indicated, for example, by a comparison of the tsunamis
generated by the 1952 and 2003 Tokachi-Oki earthquakes (Fig. 12).

In the near-field oblique regime, the maximum amplitude of a tsunami is most often
associated with excited edge waves that propagate at significantly slower phase and group
speeds than non-trapped modes. The details of how near-field edge waves are excited
depend on the proximity of the initial wavefield to the shoreline and the orientation
of initial wave crest/trough relative to the shoreline (Fujima et al., 2000). Typically,
the orientation of the waves for seismogenic tsunamis is subparallel to the shoreline,
exciting predominantly fundamental mode edge waves, whereas for landslide tsunamis,
the orientation is subnormal to the shoreline, exciting higher edge wave modes.

Finally, a tsunami coda gradually develops in the far field as a result of dispersion
and scattering from bathymetric features. As the tsunami arrives at transoceanic coasts,
energy from the coda is pumped into the nearshore response that includes the excitation
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of edge waves, scattering from coastline irregularities, and resonance of trapped modes
(e.g. see Rabinovich and Thomson (2007)). In this case, the tsunami is very persistent in
time and the maximum amplitude can occur much later than the first arrival.

5.2. Statistical Descriptions

Rather than treating the evolution of tsunamis from a strictly deterministic approach,
I have reviewed different statistical models that have been developed from generation
through runup. Unexpected behavior of tsunamis is understood better from a statistical
perspective, compared to simple deterministic models of tsunami physics (e.g. see Fig. 2).
For coseismic slip, a 2D stochastic model initially developed by Andrews (1980) has
been extensively used in describing slip distributions derived from seismic waveform
inversions. Although in theory, statistical descriptions of runup observations can be linked
to the stochastic slip model, the sparse and non-uniform nature of runup observations
from post-tsunami surveys, as well as the complex nature of nearshore wave dynamics,
presently preclude such a link. The log-normal model proposed by Choi et al. (2002,
2006) is currently the best constrained statistical description of runup distribution. The
log-normal distribution (and the power-law distribution in select cases) indicates a higher
likelihood of extreme runup over what would be expected from a Gaussian distribution
of runup tied to the potency of the source (e.g. seismic moment).

In the far field, the observed tsunami coda can be described by an exponentially
decaying Gaussian distribution of wave elevations, similar to seismic coda statistical
models (e.g. see Takahara and Yomogida (1992)). For narrow-banded waves, the
distribution of wave amplitudes therefore corresponds to a Rayleigh distribution. Such
a model encompasses frequent observations of a delay in the arrival of the maximum
amplitude phase after the first (direct) arrival. The exponential decay time is greater for
nearshore observations compared to deep-ocean measurements, owing to the excitation,
scattering, and resonance of edge waves and leaky shelf modes as part of the overall
nearshore site response.

The statistical models used to describe tsunamis are intended to encompass possible
outcomes that result from either highly complex physics (i.e. aleatory uncertainty)
or for linear aspects of tsunami physics where insufficient data exist for accurately
developing deterministic solutions (i.e. epistemic uncertainty). For the former, the rate-
and state-friction law for fault rupture is sufficiently complex for generating multiple
slip realizations for only slight differences in initial conditions, even for simple fault
geometries. Real fault systems are likely to be geometrically complex (e.g. see Power
and Tullis (1991)), with spatially heterogeneous pre-stress conditions and pore pressure
distributions. Earthquakes with the same hypocenter and the same overall seismic
moment are likely to have different slip distributions, as exemplified by the 1952 and
2003 Tokachi-Oki earthquakes (Fig. 12). Therefore, the stochastic coseismic slip model
is intended to provide an ensemble of realizations representing aleatory uncertainty in
understanding earthquake rupture dynamics from a probabilistic perspective. In contrast,
the difficulty in accurately simulating the tsunami coda may be somewhat surprising,
given that the physics of long-wave propagation is fairly well understood. It is likely
that much of the coda arises from scattering in the open ocean and edge wave excitation
along coasts, for which detailed bathymetry is needed. In this case, statistical models
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of the far-field waveform encompass epistemic uncertainty related to the data needed to
accurately simulate nearshore wave physics.

5.3. Knowledge Gaps

Our understanding of tsunami physics is far from complete, owing in part to
obvious gaps in observing certain phases of tsunami evolution. With regard to tsunami
generation, there are very few direct measurements of submarine landslide movement.
This information is critical for estimating the constitutive parameters for landslide
dynamics and the efficiency at which landslides generate tsunamis. For seismogenic
tsunamis, there are also few direct measurements of coseismic vertical displacement
of the seafloor, although the unique measurements stemming from the 2003 Tokachi-
Oki earthquake (Mikada et al., 2006), as well as many onshore case studies, suggest
that elastic displacement models driven by heterogeneous coseismic slip on the fault
plane are adequate. With regard to tsunami propagation, we do not have a dense spatial
observation network of deep-ocean tsunami wave heights, although the network of BPR
stations throughout the world’s oceans is greatly expanding (Mofjeld, 2009). In addition,
space-borne technology including satellite altimetry and detection of “tsunami shadows”
can greatly help fill this gap (Godin, 2004; Godin et al., 2009). When the tsunami arrives
at the coast, we also have very little information regarding the time evolution of the
runup process, although we are gaining a better understanding of this process in the field
through observations of tsunami deposits combined with advanced sediment transport
models (Apotsos et al., 2009). There are also gaps related to a theoretical understanding
of tsunami generation physics. In solid-earth physics, the outstanding question relates
to the fault mechanics of tsunami earthquakes and splay fault ruptures, particularly with
regard to what conditions (friction parameters, pore pressure, pre-stress conditions, etc.)
are needed for these types of earthquakes to occur at very shallow depths (cf. Taylor
(1998); Kame et al. (2003)). As data from new tsunami observation technologies are
obtained and as we gain a better theoretical understanding of tsunami generation and
hydrodynamic processes, scientists will have a broader perspective of what to expect
when a tsunami occurs.
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González, F.I., Kulikov, Y.A. (1993). Tsunami dispersion observed in the deep ocean. In: Tinti, S. (Ed.),
Tsunamis in the World. Kluwer Academic Publishers, Dordrecht, The Netherlands, pp. 7–16.
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